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Abstract
The frequently observed tropospheric warm cores over the Tibetan Plateau (TP) are unique climate phenomena and are cru-
cial to the Asian summer monsoon development. However, their climatological structure and formation mechanisms remain 
elusive and inconsistent among previous studies. In this work, two vertically separated warm cores, the upper-level warm 
cores (ULWCs) and lower-level warm cores (LLWCs), are identified based on the zonal temperature deviation. The LLWCs 
are basically confined below 450 hPa, and the ULWCs are mostly observed at 200–400 hPa. The active region of the LLWCs 
is generally within the TP domain and characterized by regional patches with high frequency occurrences. In contrast, the 
active region of the ULWCs is featured by a zonally elongated band along the southern TP. The physical mechanisms for 
the formations of these two distinct types of warm cores are revealed: the LLWCs are mainly generated and maintained by 
the surface diabatic heating, while the ULWCs are dominated by the large-scale circulation associated with the convection 
over the Indo-Pacific warm pool. During March–June, the ULWCs within the TP domain occur most frequently and the 
intensities attain their maxima. In March–April, the ULWCs are mainly determined by the TP adiabatic subsidence induced 
by the convection over the Indo-Pacific warm pool. In May–June, the warm advection induced by westerlies generates the 
downstream ULWCs and enhances the ULWCs formed in previous months. Hence it might be inappropriate in traditional 
view to attribute the tropospheric warm cores around the TP solely to the direct thermal effect of the elevated topography.
Keywords Warm core · Tibetan Plateau · Climatology · Physical mechanism
1 Introduction
The Tibetan Plateau (TP), long been known as the "third 
pole of the Earth" and the "roof of the world", has one of 
the most complex geographical features in the world. As 
an elevated heat source, the TP acts directly on the middle 
troposphere and generates strong thermal contrast with the 
adjacent non-elevated atmosphere. It has been suggested to 
play a fundamental role in generating and maintaining the 
Asian summer monsoon and shaping the Earth’s climate 
(Flohn 1957; Ye et al. 1957; Ding 1992; Wu et al. 2007).
Various indices have been developed to depict the ther-
mal condition of the TP, for instance, air temperature (Li 
and Yanai 1996; Wang et al. 2008), surface sensible heating 
(Duan et al. 2013) and atmospheric heat source (Yanai et al. 
1992). Among them, the index defined using air temperature 
is extensively applied in many studies as it intuitively and 
directly reflects the TP thermal condition. Often cited (Chou 
2003; Li et al. 2004; Li and Pan 2006) is the index set up 
by Li and Yanai (1996), who calculated the vertically aver-
aged temperature (500–200 hPa) above the TP and showed 
the internal connection between the TP thermal condition 
and the onset and variability of Asian summer monsoon. 
The temperature-related warm cores are also regarded as 
important indicators of the thermal state of the TP and are 
crucial in modulating the establishment and maintenance 
of the Asian summer monsoon circulation as well as the 
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variability of Asian monsoon precipitation (Li and Yanai 
1996; Liu and Yanai 2001; Tamura et al. 2010). In summer, 
the whole troposphere over the TP is occupied by warm 
air mass, with the temperature maximum located over 
the TP (Ye and Gao 1979). By using an 80-day data (16 
April–4 July 1979) obtained from First Global Atmospheric 
Research Program (CARP) Global Experiment (FGGE), He 
et al. (1987) found that the warm center on the TP is a unique 
feature observed in the middle troposphere and is related to 
the topographic heat low. Furthermore, in addition to FGGE 
II-b data, the data obtained at additional stations during the 
Chinese Qinghai-Xizang Plateau Meteorology Experiment 
(QXPMEX) have been fully included in the research of 
Yanai et al. (1992). They examined the detailed warming 
process for a 9-month period and confirmed that the warm 
cores exist in the middle troposphere due to the near-surface 
heating of the TP in spring. Later, based on a 14-year cli-
matological analysis in the mean summer temperature field 
at the 200–500 hPa layer, Li and Yanai (1996) found that 
“a huge warm air mass is centered on South Asia with the 
maximum temperature (≥ − 22 °C) over the southern TP”. 
They proved that an "explosive" growth of this warm air led 
to the change in meridional temperature gradient and the 
onset of the planetary-scale Asian summer monsoon.
Up to now, it is still debatable regarding the formation 
of this tropospheric temperature maximum. The traditional 
views linked the tropospheric temperature variation to the 
direct heating effect of elevated topography. It was sug-
gested that the whole air column was heated bottom-up by 
the ground surface through upward turbulent sensible heat-
ing (Luo and Yanai 1984; Yanai and Li 1994; Li and Yanai 
1996), condensation latent heat release (Nitta 1983; Ueda 
et al. 2003; Taniguchi and Koike 2007), and surface net 
radiation (de Kok and Immerzeel 2019). Numerous general 
circulation models (GCMs) validated the dependency of air 
temperature variation on the uplift effect of the TP (Hahn 
and Manabe 1975; Kuo and Qian 1981; Zheng and Liou 
1986; Liu and Yin 2002). Hahn and Manabe (1975) used an 
eleven-level model to compare climates under conditions 
with and without the topography. Their results indicated that 
in the model with mountains, much higher temperature was 
maintained in the middle and upper troposphere over the TP. 
By employing the CCM1 (R15L7)–LNWP spectral model, 
Zheng and Liang (1999) proved that the orographic effect 
of the TP profoundly influenced the atmospheric heating 
in early boreal summer. As an elevated heat source in the 
middle troposphere, the huge orography of the TP can pro-
duce a warm center (224 K) at 200 hPa and increase the air 
temperature by 7 K under the condition with the presence of 
the TP than without the TP.
In recent years, however, there are some evidence indicat-
ing that the formation of the warm cores may not entirely be 
the result of the TP heating, but rather the outcome of other 
external thermal forcing. Boos and Kuang (2010) showed that 
the Himalayas, the southern edge of Tibet, blocked hot moist 
air over North India from mixing with cool dry air inland, so 
that the upper troposphere temperature maximum was coupled 
to the highest entropy sub-cloud layer in northern India. In 
that case, the thermal forcing of continental India was vital 
to determine the position and amplitude of the upper warm 
center. Wu et al. (2015) noted that the appearance and varia-
tion of the summertime upper tropospheric warm maximum 
was a complicated large-scale thermodynamic issue. They 
thought that the warm center could be attributed to the com-
bined effect of strong convective latent heating associated with 
the Asian monsoon rainfall, and the longwave radiation cool-
ing over the western Eurasia. Tamura et al. (2010) analyzed the 
upper tropospheric warming around the Tibetan Plateau during 
the onset phase of Asian summer monsoon and suggested that 
the temperature increase was due to the local adiabatic warm-
ing that was closely associated with the local Hadley circula-
tion. Forsythe et al. (2017) and Li et al. (2018, 2019) proposed 
that adiabatic heating and cooling, caused by the “Karakoram 
Vortex/Western Tibetan Vortex”, was the main driver of tropo-
spheric temperature variations over the TP.
Previous works have recognized the warm cores around 
the TP as a spectacular phenomenon, but the timespans of 
the data were considerably short, and most of the past studies 
tended to focus only on boreal summer season. So far, little 
attention has been devoted to the climatology of the warm 
cores, and no systematic examination is performed on their 
vertical structure and spatial–temporal variations. Addition-
ally, the physical mechanisms for the formations and variations 
of the warm cores are open to debate. Therefore, based on the 
long-term ERA-interim reanalysis datasets, the present study 
aims to analyze the climatology of the warm cores at differ-
ent vertical levels in detail and explore the possible physical 
mechanisms controlling the formation and variation of the 
warm cores around the TP.
The rest of the paper is organized as follows: The reanalysis 
datasets and methods used in this study are detailed in Sect. 2. 
In Sect. 3, the climatology of the warm cores is analyzed. We 
present the horizontal and vertical structures of the climato-
logical warm cores and distinguish the different warm cores at 
the upper and lower levels around the TP. The seasonal varia-
tions of these two types of warm cores are also included in this 
section. The relevant possible mechanisms of the warm cores 
at the upper and lower levels are examined respectively in 
Sect. 4. Finally, summary and discussion are given in Sect. 5.
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2  Data and methodology
2.1  Data
The data used in this study include the following sources:
(1) Atmospheric circulation data are derived from Euro-
pean Centre for Medium-Range Weather Forecasts 
(ECMWF) interim reanalysis datasets (ERA-interim, 
Dee et al. 2011), which are available from https:// apps. 
ecmwf. int/ datas ets/ data/ inter im- full- daily/. Variables 
include temperature, wind (with the u and v compo-
nents), vertical velocity and geopotential height at 27 
pressure levels from 1000 to 100 hPa, with a spatial 
resolution of 1° × 1°. Data with a higher resolution of 
0.5° × 0.5° are used within the TP domain. Temporal 
resolution of the dataset is 6-h from January 1, 1979 
to December 31, 2018. Gridded surface heat flux and 
radiation flux over the TP are also extracted from ERA-
interim with a spatial resolution of 0.5° × 0.5°. In this 
study, upward is defined positive in the variables of 
surface net thermal radiation, surface sensible heat flux 
and surface latent heat flux, and downward is positive 
in the surface net solar radiation.
  The reliability of ERA-interim dataset has been veri-
fied by previous studies (Wang and Zeng 2012; Bao and 
Zhang 2013), which ranked this dataset among the best 
reanalysis datasets in terms of spatio-temporal varia-
tions of air temperature over the TP. Here we conducted 
further data validation based on two newly-acquired 
observational datasets from the Chinese Meteorologi-
cal Administration (CMA) with longer time span: (a) 
monthly surface temperature in China in 0.5°× 0.5° 
grids (V2.0) (1979–2018) (http:// data. cma. cn/ data/ 
cdcde tail/ dataC ode/ SURF_ CLI_ CHN_ TEM_ MON_ 
GRID_0. 5. html) and (b) monthly upper air observa-
tions at specific layers in China (1980–2014) (http:// 
data. cma. cn/ data/ cdcde tail/ dataC ode/ UPAR_ WEA_ 
CHN_ STL_ MON. html). In March–June, observed 
surface air temperature pattern with “northwestern 
cold-southeastern warm” can be well reproduced in the 
ERA-interim dataset (Fig. S1a, b), with a correlation 
coefficient of 0.95 for the TP regional averaged surface 
temperature interannual variations. At tropospheric lev-
els over the TP, the climatological vertical profile (Fig. 
S1c) and time series (Fig. S1 d) of air temperatures 
from the nine radiosonde mean show great consistency 
with the corresponding regional (91–103°E, 29–37°N) 
mean of ERA-interim. The correlation coefficients of 
interannual variations of regional averaged air tempera-
ture between observations and ERA-interim are 0.97, 
0.96, 0.92, 0.90 at 500 hPa, 400 hPa, 300 hPa, 200 hPa, 
respectively. Therefore, ERA-interim can well capture 
the horizontal and vertical distributions, and the inter-
annual variations of temperature over the TP, and it is 
suitable and credible to use this dataset to study the 
climatology of the warm cores over the TP.
  The hourly temperature at 27 pressure levels is 
obtained from ERA-5 dataset (https:// cds. clima te. 
coper nicus. eu/ cdsapp# !/ datas et/ reana lysis- era5- press 
ure- levels? tab= overv iew/; Hersbach and Dee 2016) to 
explore the vertical phase relationship of temperature 
on different vertical levels over the TP. This dataset is 
the latest and fifth generation of European reanalysis 
produced by the ECMWF, and has a spatial resolution 
of 0.5°×0.5°.
(2) Monthly-mean outgoing longwave radiation (OLR) 
data (http:// www. esrl. noaa. gov/ psd/ data/ gridd ed/ data. 
ncep. reana lysis. html; Liebmann and Smith 1996) 
for 1979–2018 is obtained from National Ocean and 
Atmosphere Administration (NOAA) at a spatial reso-
lution of 2.5° × 2.5°.
2.2  Methodology
2.2.1  Definition of the warm cores
The monsoon system exhibits a strong seasonal evolution 
and is often featured by a zonally asymmetric circulation 
(due to large land–ocean thermal contrast and topographi-
cal distribution). Whereas the midlatitude circulation has a 
zonally symmetric component, to aid in analyzing the zon-
ally asymmetric component and its seasonal variation, the 
symmetric component is often removed from the original 
atmospheric variable. This method is commonly applied in 
the study of monsoonal circulation. For instance, Kawamura 
et al. (2002) extracted the zonal deviations of wind and tem-
perature, and showed them to be useful for understanding 
the Australian monsoon circulation. Furthermore, Minoura 
et al. (2003), Prasad and Hayashi (2005) applied this method 
to explain the onset and withdrawal of the Indian summer 
monsoon. Using the zonal deviation field of the vertically 
averaged temperature (500–200 hPa), Zhao et al. (2007) 
identified a zonal teleconnection pattern, the Asian-Pacific 
Oscillation, over the extratropical Asian-Pacific region. 
Yanai et al. (1992) also calculated the deviation from the 
regional mean field to stress the heating effect of the TP. 
Therefore, in our study, the four-dimensional zonal tempera-
ture deviation ( T ′ ) for each grid at each level is adopted to 
define the warm center. It is formulated as
where T is the original four-dimensional temperature field, 
and T̄  is the zonal mean of T.
(1)T �(x, y, z, t) = T(x, y, z, t) − T̄(y, z, t)
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From the climatological distributions of the tropospheric 
T ′ and T at each level in boreal summer (not shown), the posi-
tions of T ′ maximum coincide consistently with the tempera-
ture warm centers. Therefore, tropospheric warm cores can 
be well captured in the T ′ fields. Notably, by using T ′ instead 
of the original T, it overcomes the defect that warm cores at 
different levels are hard to compare directly.
Following the definition of westerly jet core (Ren et al. 
2010), warm cores at each tropospheric level are determined 
using an event-based method (Koch et al. 2006). Based on the 
study of Rowson and Colucci (1992), the horizontal extent 
of the surface thermally driven systems is typically on a spa-
tial scale of 500–1500 km (1000 km in average). Thus, the 
warm cores with a horizontal scale smaller than 1000 km are 
excluded as they are mostly induced by the local sub-synoptic 
and mesoscale systems, which are beyond the scope of our 
research. A warm core is identified, and its corresponding lati-
tude and longitude positions are recognized if (1) T ′ is equal 
to or greater than 3 K and (2) T ′ is the local maximum of the 
surrounding 80 grid points (in a region with the horizontal 
scale of approximately 1000 km × 1000 km). The procedure is 
repeated to process all the 6-hourly data that covers the entire 
study period of 1979–2018 and the total number of warm core 
occurrence is counted for each grid point at each vertical level 
(600–100 hPa). Meanwhile, the corresponding T ′ value of the 
identified warm core is defined as the warm core intensity. 
According to the definition, more than one warm core center 
may appear over the plateau at a particular time due to the 
massive area of the TP (approximately 2.5 million square 
kilometers).
The warm core occurrence frequency (WCOF) during a 
time period is defined as the ratio between the warm core 
occurrence number and the total number of time intervals 
(expressed by percentage). The warm core intensity is defined 
as the averaged intensity of the total warm cores during that 
time period.
2.2.2  Heat budget balance
Based on the first law of thermodynamics, the local air temper-
ature change with time can be expressed by three components 
as follows (Chen and Baker 1986),








 is adiabatic heating (ADH); Q̇
Cp
 is diabatic 
heating (DH), with V the horizontal wind vector, p the pres-
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temperature, ω the vertical wind speed, θ the potential tem-
perature, Q the heat content, and Cp the specific heat 
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 , the local 
change in T ′ can also be explained by the three components 
in Eq. (2). The term DH ( Q̇
Cp
 ) is calculated using residual 
budget analyses (Yanai et al. 1973).
2.2.3  Surface heat source
According to Ye and Gao (1979), the surface heat source 
(SHS) over the TP is defined as follows,
where SH is the surface sensible heat flux, LH is the sur-
face latent heat from evaporation and LR is the effective 
radiation from the surface. Positive SHS denotes that heat 
is transferred upward from the underlying surface to the 
atmosphere.
3  Climatology of the tropospheric warm 
cores over the TP and its vicinity
3.1  Horizontal and vertical distribution
Before examining the climatology of the warm cores, it is 
necessary to present the climatological distribution of T ′ . 
From the annual-mean perspective, the high values of T ′ 
around the TP at all levels manifest that the TP and its adja-
cent areas are the relatively warmer regions than other areas 
at the same latitude (Fig. 1). The maxima of T ′ occur over 
the TP at 550 hPa and 200 hPa, which are referred to as the 
warm cores that we will discuss in the following sections. 
The warm core at 550 hPa is situated on the main body of 
the TP, while warm core at 200 hPa is located on the south-
ern TP. The magnitudes of these warm centers at both levels 
are around 3–4 K. At tropospheric levels above 400 hPa, 
T ′ is characterized by high values in a zonal band between 
20°N and 30°N over the Asian and western Pacific sector.
Using the method described in Sect. 2.2.1, we examined 
the warm core occurrence frequency (WCOF) at four tropo-
spheric levels (Fig. 2). At 550 hPa, the near surface of the 
TP, the warm cores mainly appear within the interior of the 
TP (concentrated in 80–100°E, 28–38°N) and are character-
ized by regional patches with high frequency occurrences. 
The active region is in the central and western TP, with a 
high WCOF region greater than 1% (Fig. 2a). The mid-west 
TP has the highest topography and it is also the primary 
source for the development of plateau vortex (Qian et al. 
1984; Feng et al. 2014). Warm cores at 550 hPa also scatter 
(3)SHS = SH + LH + LR
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in the northern periphery of the TP, the western Yunnan-
Guizhou Plateau, and South Afghanistan-West Pakistan, but 
their occurrences are less frequent and are largely associated 
with the local topography-producing thermal lows (Bol-
lasina and Nigam 2011; Smith and Spengler 2011). At the 
levels higher than 400 hPa, the spatial distribution of WCOF 
is featured less by regional patches, but displays a zonally 
elongated band pattern, which is consistent with the annual-
mean distribution of T ′ in Fig. 1. Warm cores at 200 hPa and 
300 hPa are concentrated around the central and southern TP 
(concentrated in 60–110°E, 25–35°N).
The vertical distributions of WCOF are depicted in Fig. 3. 
As shown in the latitude-height cross section in Fig. 3a, there 
are two clear centers with high WCOF over the TP and its 
adjacent areas, corresponding to the upper-level warm 
cores (ULWCs) and lower-level warm cores (LLWCs). The 
LLWCs are located in the main body of the TP (30–40°N) 
and are vertically confined in a shallow layer from the sur-
face to approximately 450 hPa. There is a sharp WCOF ver-
tical gradient below 450 hPa, with WCOF maximum situated 
at the surface. The ULWCs appear aloft within 200–400 hPa 
and are located in 25–35°N with a 5° southward shift with 
respect to the LLWCs. There is a clear vertical disconnection 
in WCOF at 450–400 hPa, representing the transitional zone 
separating the two types of warm cores. Similarly, vertical 
distribution of WCOF in the longitude-height cross section 
(Fig. 3b) shows a layer of high occurrence from the surface 
to 450 hPa within the TP domain (80–100°E) with maxima 
at the surface. The ULWCs are dispersed within a zonal 
band at 250–150 hPa. Another important feature is that the 
upper-level WCOF outside the TP domain in either east side 
(105–120°E) or west side (60–80°E) shows no significant 
Fig. 1  Distributions of climatological annual-mean T ′ at different 
tropospheric levels (Units: K). a 550 hPa, b 400 hPa, c 300 hPa, and 
d 200 hPa. The blue solid curves denote topographic contour line of 
3000 m, representing the TP domain
Fig. 2  Spatial distributions of the climatological-mean annual warm core occurrence frequency (WCOF) at different tropospheric levels (Units: 
%). a 550 hPa, b 400 hPa, c 300 hPa, and d 200 hPa. The blue solid curves represent the TP domain
 K. Shang et al.
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differences from that within the TP domain, whereas the 
lower-level WCOF is considerably larger than the non-ele-
vated flanks. These evident structural differences of the two 
types of warm cores are indicative of the possibility that 
the occurrence of warm cores at lower level may have great 
relevance to the existence of the TP but those at upper levels 
may not.
The average thickness of atmospheric planetary bound-
ary layer over the TP is 2–3 km (Ye and Gao 1979), and the 
synoptic systems generated within the TP, such as summer 
heat low (Gao et al. 1981) and the TP vortex (Qian et al. 
1984), may reach the level of 400 hPa. The top height of 
the LLWCs is consistent with the documented topography-
related boundary layer heights, which suggests that the syn-
optic weather systems within the TP may be the primary 
drivers for genesis and development of LLWCs.
3.2  Annual cycle and seasonal variation
The warm cores exhibit pronounced seasonal variations 
which can be described by seasonal evolutions of both the 
magnitude and position of the high WCOF. As presented 
in Fig. 4, the distributions of WCOF show large seasonal 
variations with different characteristics at different levels. At 
the lower level (550 hPa) over the TP, the warm cores occur 
most frequently in boreal summer (JJA) and are suppressed 
in winter (DJF). During spring (MAM), summer (JJA), and 
autumn (SON) seasons, the high WCOF shows almost fixed 
locations within the interior area of the plateau and cen-
tered at approximately 90°E, 30°N in the central TP. In DJF, 
the whole plateau is mainly dominated by the cold air, so 
T ′ is positive only in the mid-eastern TP and northwestern 
periphery, with scattered centers of warm core occurrences. 
The WCOF is explosively enhanced at the central TP dur-
ing spring, peaks in summer, and reduces gradually during 
autumn. The seasonal evolution of WCOF at the lower level 
is synchronous with the insolation evolution, implying the 
dominant impact of surface-heating process. The WCOF 
centers in summer and autumn exhibit a modest westward 
displacement. The spatial patterns in spring and summer 
are consistent with previous studies by He et al. (1987) and 
Yanai et al. (1992), but the lower-level warm cores defined 
in our study appear a little earlier, and this is mainly because 
we choose 550 hPa level (closer to the ground) T ′ instead of 
500 hPa temperature to calculate the lower-level warm cores.
In contrast to a strong seasonal cycle of WCOF at lower 
level, the warm cores around the TP at 200 hPa exhibit dif-
ferent seasonal features. These upper level warm cores exist 
throughout the entire year, and are featured by a zonally 
elongated band stretching across the extratropical Asia. In 
the cold seasons (DJF and MAM), the bands of warm cores 
are situated around the southern plateau, while in the warm 
seasons (JJA and SON), they become wider with a pole-
ward extension and displacement. The climatological T ′ in 
DJF shows that the wintertime warm center is pronounced 
in an area east of the TP, but in the event-based calcula-
tion, there are also scattered warm core occurrences on the 
southern periphery of the TP (30°N). The spatial distribu-
tion of WCOF in JJA shows the spread to a larger region 
compared to other seasons, and the maxima exhibit a notable 
poleward and westward shift from the southern TP to the 
Pamirs plateau. It should be noted that, if we focus on the 
warm core occurrences only within the TP domain, they are 
most frequently observed in MAM instead of JJA, since the 
high WCOF already moved out of the main body of the TP 
in boreal summer.
Fig. 3  Vertical distributions of the climatological-mean annual WCOF at the latitude-height (a, along 70–110°E) and longitude-height (b, along 
25–45°N) cross sections
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Seasonal evolutions of warm cores at 300  hPa and 
400 hPa are more or less similar to those at 200 hPa. Warm 
cores are frequently observed in the southern periphery of 
the TP in DJF and MAM, whereas the occurrence within the 
TP domain is sporadic (less than 0.2%). In boreal summer, 
the whole TP shows a drastic increase in WCOF, implying 
a sudden genesis and development of warm cores. The high 
WCOF retreats to the southern periphery of the TP in SON.
In the present study, 550 hPa (200 hPa) is selected to rep-
resent the lower (upper) level over the TP. In order to dem-
onstrate monthly variation of warm cores with high WCOF, 
firstly, we select all grids with monthly WCOF larger than 
2% during March to October at 550 hPa and 200 hPa respec-
tively. We further obtain latitudes and longitudes of selected 
grids within the area of 60–110°E, 20–45°N (around the 
TP). Only the months from March to October are chosen for 
calculation because the warm cores are strongly suppressed 
in winter. As shown in Fig. 5a, b, the LLWCs show gener-
ally weak seasonal variations in their zonal and meridional 
positions. Especially on the meridional location, the median 
latitudes in each month are nearly fixed at 32°N. For the 
zonal location, there is a weak westward shift in median 
longitudes from spring to summer (shifting by 6°). At the 
upper level, the monthly locations of warm cores show larger 
seasonal variations (Figs. 5c, d) compared with LLWCs. The 
positions of ULWCs show a significant northwest shift in 
summer with large changes for the median longitudes (west-
ward shifting by 12°) and latitudes (northward shifting by 
7°) and these changes are much larger than LLWCs.
The LLWCs and ULWCs are decoupled vertically and are 
represented as two groups of independent centers in winter, 
spring and autumn, but they become connected vertically 
and form one center with a deep vertical structure in summer 
(Fig. 6). It is clear that the regional LLWCs are formed in 
February with a reversed sign (from negative in January to 
positive in February) in T ′ and they are confined to a shal-
low layer below 500 hPa over the TP, probably driven by the 
weak surface heating, while the ULWCs are observed within 
Fig. 4  Distributions of the climatological-mean four-seasonal WCOF (colored, units: %) and T ′ (contour, units: K) at four tropospheric levels 
(the red solid curves represent the TP domain)
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150–400 hPa at 30°N. With seasonal advance, the LLWCs 
tend to amplify and extend upward in warmer months in 
response to the seasonal deepening of boundary layer (Ye 
and Gao 1979) while the ULWCs amplify and extend down-
ward with T ′ center being prolonged vertically in the whole 
troposphere. During this transition period from February to 
June, the border separating the two types of warm cores is 
clearly observed at 400–450 hPa. In July and August, with 
the frequent establishment of the warm cores at 300–400 hPa 
over the TP, the upper and lower level warm cores merge 
into a single one with a deep vertical structure. From Sep-
tember to wintertime, the two types of warm cores show 
reversed variations as those from February to June. Both 
the LLWCs and ULWCs become weak and shrink vertically, 
with decoupling becoming visible again from October.
The WCOF and warm core intensity are calculated spe-
cially within the TP interior above 3,000 m and are illus-
trated in Fig. 7. The ULWCs occur most frequently and 
the intensity attains its maxima during March to June. At 
200 hPa, the major peak of WCOF appears in late May with 
strong intensity, and a sub-peak WCOF occurs in October 
with much weak intensity. The relatively less occurrence in 
summer is due to the fact that the ULWCs are mostly gener-
ated around the Pamirs Plateau during this period, instead of 
over the main body of the TP (Fig. 4). The LLWCs develop 
rapidly from March to June with both frequency and inten-
sity reaching the maxima in summer. It should be noted that 
March to June is a critical period as the warm cores at both 
lower and upper levels grow at the fastest rate. Additionally, 
during this period, the warm cores at lower and upper levels 
are well separated vertically. Therefore, studies shall be con-
ducted with respect to the formation and development of the 
two vertically separated warm cores and special considera-
tion shall be given to the March to June period.
If we set 3.5 times per day of WCOF as the threshold 
of active phase for tropospheric warm core occurrence, 
Fig. 5  Boxplots of latitudes and longitudes with high monthly WCOF 
at 550 hPa (a, b) and 200 hPa (c, d) around the TP. The thin and short 
lines at the top and bottom are the maximums and minimums. The 
bottom and top of the rectangles refer to the 25th and 75th percentiles 
of the data. The lines through the rectangles represent the medians, 
and the upper and lower stems represent the boundaries of nonout-
lier maximums and minimums (1.5 times the interquartile range away 
from 25 and 75th percentiles). The cross symbols represent the outli-
ers. The small open boxes represent the mean values
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the active phase starts approximately from early March 
and ends in late October. Warm cores at upper and lower 
levels enter the active phase and their rapid intensifica-
tion starts earlier than the middle level (Figs. 7c, d). The 
550 hPa warm cores are the earliest to enter the active 
phase (in middle February), followed by the warm cores 
at 200 hPa (in early March), and the 400 hPa warm cores 
are the latest to enter the active phase (in middle May). 
The 200 hPa WCOF and intensity (Figs. 7c, d) reach a 
peak in late May, leading the 550 hPa and 400 hPa by 
approximately two months. The frequency and intensity 
of 200 hPa warm cores stay higher than those of 400 hPa 
warm cores before early June. The leading active phase 
and the leading peak intensity at 200 hPa suggest that the 
genesis of the ULWCs may originate from other factors 
rather than the direct upward extension from the near-
surface within the TP.
4  Physical mechanisms for the formations 
of the LLWCs and ULWCs over the TP
In Sect. 3, we identified the coexistence of upper and lower 
level warm cores over the TP. These two types of warm cores 
differ significantly in their seasonal variations and active 
phases, which implies that physical mechanisms for their 
formations and variations might be also different. As men-
tioned above, March to June is a critical period for the rapid 
development of warm cores and therefore warrants a special 
consideration. The following analyses are all based on this 
period. During March to June, the intensities of warm cores 
at all levels are significantly depending on the temperature 
variations. The temperature and warm core intensity are pos-
itively correlated at each tropospheric level with correlation 
coefficients greater than 0.7 (passing the significance test at 
the 99.9% confidence level, not shown). That is to say, the 
warmer environment over the TP favors the warm core for-
mation. In this section, different mechanisms leading to the 
Fig. 6  Latitude-height (along 80–100°E) cross sections of climatological-mean monthly WCOF (colored, units: %) and T ′ (contour, units: K) 
around the TP
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LLWCs and ULWCs are demonstrated based on heat budget 
balance decomposition and regression analysis.
4.1  Contribution of each component in heat 
balance
According to heat budget balance equation in Sect. 2.2.2, the 
local change of temperature with time can be decomposed 
into three components: the diabatic heating term, the adi-
abatic heating term and the horizontal temperature advection 
term. The seasonal evolutions of the three heating compo-
nents and T ′ are examined over the TP domain based on the 
climatological data and results are illustrated in Fig. 8.
Consistent with Fig. 7a, there are two vertically sep-
arated warm temperature cores before June and after 
October in the seasonal evolution of T ′ (Fig. 8a). Lower 
level warm temperatures develop at the surface in Feb-
ruary–March and extend upward with seasonal advance, 
while upper warm temperatures exist all year around and 
extend downward from April. The seasonal evolution of 
diabatic heating (Fig. 8b) shows positive values starting in 
late winter at lower levels, but they are mainly confined to 
the layers lower than 300 hPa during March to June and its 
seasonal evolution shows similar features as that of lower 
level warm temperatures. The time from diabatic cooling 
to diabatic warming is delayed with height at levels below 
300 hPa, which also matches the delayed air warming with 
height. These evidences indicate that diabatic heating is 
responsible for the formation and variation of the lower 
level warm air temperatures. Significantly distinct from 
the lower layers, the upper-level temperature increases 
are dominated mainly by adiabatic heating and horizontal 
advection processes. Adiabatic heating contributes to the 
400–150 hPa warming during cold months (from January 
to April, and from November to December). The horizon-
tal warm advection contributes to the tropospheric warm-
ing above 300 hPa during warm months (April to October) 
(Figs. 8c, d).
Fig. 7  a Time-height cross sections of climatological WCOF (Units: 
times  day−1) within the TP domain (elevation higher than 3,000 m). 
b Same as (a), but for warm core intensity (Units: K). c Same as 
(a), but for three typical tropospheric levels: 550  hPa, 400  hPa and 
200 hPa (Units: times  day−1). d Same as (c), but for warm core inten-
sity (Units: K). A 31-day running mean has been applied on the origi-
nal time series in (c) and (d) to filter out high frequency noise
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In order to discuss the heat budget balance in detail, we 
divide the period of March to June into two sub-periods 
(March to April, referred to as MA; May to June, referred 
to as MJ) and spatial distributions of different heating terms 
during these two sub-periods in the upper and lower levels 
are illustrated in Fig. 9. At 550 hPa, high DH occurs over the 
entire TP, with the magnitude of DH in MJ larger than that in 
MA (Figs. 9b, d). Adiabatic cooling due to updraft and cold 
advection tend to damp the local warming, manifesting DH 
as a driver in lower-level warming.
At 200 hPa, DH is negative in both MA (Fig. 9a) and 
MJ (Fig. 9c), which suggests the upper level is dominated 
by diabatic cooling (mainly the radiative cooling). In MA, 
horizontal advection within the whole TP interior is weak 
due to the compensation of western warming and eastern 
cooling. It should be noted that, in MA, an adiabatic warm 
band (Fig. 9e) occurs in the central and southern TP and 
to the southwest TP (60–100°E, 25–35°N); this zonal band 
of adiabatic heating corresponds well with the upper-level 
zonal band of WCOF in Fig. 4. In MJ, strong adiabatic heat-
ing region moves to the western flank of the TP (Fig. 9g), 
and the downstream TP is warmed by horizontal advection 
associated with the strong westerly (Fig. 9k).
The vertical profiles of the heat budget terms over the 
TP domain in MA and MJ are analyzed in Fig. 10. The for-
mation of the LLWCs is mainly attributed to the surface 
heating, as the diabatic heating below 450 hPa dominates 
the entire TP domain and overwhelms the adiabatic cooling 
and cold advection. The DH profiles in both MA and MJ 
show uniform maxima below 500 hPa and a rapid decrease 
upward above 500 hPa. This suggests that the DH at the 
lower troposphere is mainly contributed by the turbulent sen-
sible heat flux and long-wave radiation due to the fact that 
sensible heat flux and long-wave radiation are the strongest 
at surface level. Seto et al. (2013) investigated the heating 
process in 2008 and 2009 based on radiosonde and mes-
oscale model data, and proposed that the sensible heating 
should be responsible for warming of the lower atmosphere 
(below 450 hPa) over the TP. At upper levels (200–300 hPa), 
the ADH overwhelms the diabatic cooling in MA (Fig. 10a), 
while the HTAD overwhelms the adiabatic and diabatic 
cooling in MJ (Fig. 10b). Therefore, the ULWCs are gener-
ated due to adiabatic heating in MA and warm advection 
in MJ, which is in contrast to the formation of the LLWCs.
The above analyses show contrasting physical processes 
for the formations of LLWCs and ULWCs over the TP with 
Fig. 8  Time-height cross sections of climatological T’ (Units: K) and the heat budget terms (Units: K day-1) within the TP domain (elevation 
higher than 3000 m). a T’, b Diabatic heating (DH), c Adiabatic heating (ADH), and d Horizontal temperature advection (HTAD).
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Fig. 9  Heat budget analyses at 200 hPa and 550 hPa in March–April (MA) (a–b, e–f, i–j) and May–June (MJ) (c–d, g–h, k–l) (Units: K  day−1). 
a–d DH, (e–h) ADH, and (i–l) HTAD. The black solid curves denote the TP domain
Fig. 10  The vertical profiles 
of heat budget terms (DH: red 
line; ADH: black line; HTAD: 
blue line) within the TP domain 
(elevation higher than 3,000 m) 
during MA (a) and MJ (b). 
(Units: K  day−1)
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the lower-level formation resulting from local diabatic heat-
ing and the upper level formation resulting from adiabatic 
heating and horizontal warm advection. What are physi-
cal mechanisms for adiabatic heating and horizontal warm 
advection in the upper troposphere over the TP? The large-
scale atmospheric circulation and the heat budget terms in a 
meridional cross-section (80–100°E) over the TP domain in 
MA and MJ are analyzed and results are shown in Fig. 11. 
Similar to the vertical distribution of WCOF in Fig. 6, dual 
T ′ centers (greater than 2 K) are found in the upper tropo-
sphere around 200 hPa over the southern slope of the TP 
and in the lower to middle troposphere (below 400 hPa) 
over the land surface (Fig. 11a). Surface diabatic heating 
extends upward to warm the lower-level atmosphere and 
leads to formation of the LLWCs, but it shows little effect 
around 200 hPa over the TP even in MJ when the surface 
heating is more pronounced (Fig. 11b, f). This, once again, 
suggests that the formation of the ULWCs may come from 
other factors outside the plateau. The large-scale circula-
tion shows significant descents in the troposphere over the 
southern TP in MA. These descents warm the upper tropo-
sphere through adiabatic heating process, and they are the 
downward branch of the local Hadley circulation, character-
ized by ascents around the equator with convergence in the 
lower troposphere and divergence in the upper troposphere 
(Fig.  11a). The tropical heating associated with strong 
ascents forms two meridional circulation cells: a southern 
cell with descents south of 20°S, and a northern cell with 
descents in 30°N. The latter one generates the ULWCs over 
the TP through adiabatic heating process in MA. A diabatic 
heating center is observed at 400 hPa in equator (Fig. 11b), 
accompanied by strong upward flow. This middle-level dia-
batic heating is attributed to the intense latent heat release 
associated with tropical convection. Note that there is no 
significant warm center at the middle troposphere in equa-
tor (Fig. 11a), and this is mainly because the diabatic heat-
ing is largely compensated by the adiabatic cooling due to 
the strong upward motion (Fig. 11c). In MJ, as the accents 
dominate over the TP domain, the northern Hadley circula-
tion cell disappears, but the southern branch maintains and 
extends northward (Fig. 11e). The accents over the TP lead 
to adiabatic cooling (Fig. 11g) and during this period, it is 
the horizontal advection that warms the air at 150–300 hPa 
and generates the ULWCs (Fig. 11e, h).
Fig. 11  Latitude-height (along 80–100°E) cross sections of clima-
tological T ′ (Units: K; colored in a, e), and meridional streamlines 
(meridional and vertical winds), and heat budget terms (Units: K 
 day−1; colored in b–d, f–h) in MA (a–d) and MJ (e–h). The color 
shading in (a) and (e), (b) and (f), (c) and (g), (d) and (h) denotes T ′ , 
DH, ADH, HTAD respectively
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4.2  Correlation analysis
The contributions of heat budget terms to temperature 
changes in the upper and lower troposphere over the TP 
domain and the associated physical processes are analyzed 
in the above section. In this section, correlation analysis of 
interannual variations is performed to further evaluate iden-
tified physical processes and their relationships to the warm 
center formations at different levels.
The surface heat source (SHS) over the TP introduced 
by Ye and Gao (1979) is composed of the surface turbu-
lent sensible heat flux, the surface latent heat from evapora-
tion, and the surface effective radiation. In this regard, SHS 
is in fact the direct diabatic heating that comes from the 
ground and depicts the thermal effect of the TP itself rather 
than the multilevel diabatic heating term analyzed in the 
above sections. Hence we use SHS in this section to better 
describe the role of surface heating. Grid-to-grid correla-
tion coefficients of interannual variations between T ′ and 
heat budget terms over the TP domain are shown in Fig. 12. 
The results indicate that correlations between lower-level 
(550–500 hPa) T ′ and SHS are robust and are statistically 
significant in large area over the TP. In MA, correlation 
coefficients are positive over the central and western TP, 
passing the 0.10 significance level (Fig. 12a). These positive 
correlations are much strengthened in MJ over the central 
and northwestern TP (Fig. 12c), when the SHS is enhanced 
during this period. However, the simultaneous correlations 
between T ′ and SHS are much weak in the upper layers, with 
no significant positive correlations between SHS and upper-
level T ′ (300–200 hPa) except near the peripheries of the TP 
(Fig. 12b, d). Figure 12f shows clearly that the upper-level 
air temperature variations are closely associated with adiaba-
tic subsidence in MA, with significant simultaneous positive 
correlations prevailing in the central and southern TP. In 
MJ, the marked positive correlations between upper-level 
T ′ and horizontal advection are observed in the central and 
eastern TP, indicating the warm advection is the dominant 
process responsible for interannual variations in upper-level 
temperatures during 1979–2018 (Fig. 12l). This is consistent 
with the climatological analyses in Sect. 4.1.
The above analyses on physical processes suggest that 
atmosphere over the TP is heated not solely by the land sur-
face heating, but is driven concurrently by the “dual heating 
Fig. 12  Distribution of grid-to-grid correlation coefficients between 
interannual variations of T ′ and heat budget terms averaged for 
MA (a–b, e–f, i–j) and MJ (c–d, g–h, k–l) during 1979–2018. a–d 
denotes the correlation coefficients between the SHS and T ′ (a, c for 
550–500 hPa T ′ ; b, d for 300–200 hPa T ′ ). e–h denotes the correla-
tion coefficients between ADH and T ′ at corresponding tropospheric 
levels (e, g for 550–500 hPa; f, h for 300–200 hPa); (i)–(l) is the same 
with (e)–(h), but for HTAD and T ′ (i, k for 550–500 hPa; j, l for 300–
200 hPa). Only the positive correlations are shown, and the stippled 
areas denote correlation coefficients above the 90% confidence level. 
The black solid curves represent the TP domain
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effect” (Tamura et al. 2010) around the TP. The LLWCs 
are generated due to the surface diabatic heating while the 
ULWCs are generated and maintained by adiabatic heating 
and warm advection associated with large-scale circulation.
4.3  The effect of the TP surface thermal condition
The daily time series of SHS and 550 hPa (or 200 hPa) 
temperature within the TP domain (elevation greater than 
3000 m) during period from February to May in a given 
year are used to calculate their lead-lag correlations, and 
time variations of these correlations during 1979–2018 are 
shown in Fig. 13.
The correlation coefficients between SHS and 550 hPa 
temperature peak when the SHS leads the temperature by 
1–4 days with a maximum correlation coefficient of 0.9 
(Fig. 13a). The correlation coefficients are considerably 
reduced when the SHS lags the temperature. In contrast, 
the lead-lag correlations are relatively small between SHS 
and 200 hPa temperature (Fig. 13b), and no systematic sig-
nificant lead or lag correlations are found between them. 
Thus, the SHS perturbation directly leads to the variation of 
lower-level temperature, but it has little warming effect on 
the upper-level temperature.
Furthermore, two years (1989 and 2005) are selected 
arbitrarily to explore the heating effect of the surface thermal 
conditions over the TP domain on the tropospheric tempera-
ture changes, based on the ERA-5 hourly temperature data. 
The hourly lead-lag correlation coefficients between temper-
ature at 550 hPa and temperatures at levels above are com-
puted (Fig. 14). The lead-lag correlations in the two years 
give very similar features and they indicate that the surface 
temperature perturbation can propagate upward from the 
surface within 3 h but is generally confined below 300 hPa. 
The time lag of peak correlation coefficients increases with 
height, with the coefficients attaining their maxima at the 
lag time of + 1, + 2 and + 3 h at 550 hPa, 450–400 hPa, and 
350–300 hPa, respectively. Notably, the magnitude of peak 
correlation coefficient decreases gradually with height and 
no peak is observed above 300 hPa. This further implies that 
the lower-level temperature is sensitive to the surface distur-
bances, while upper-level temperature is barely influenced 
by the underlying surface thermal state.
The time series of regional mean warm core intensity 
index at 550 hPa is obtained by averaging the intensity of 
the total warm cores within the TP domain in March–June 
and is linearly detrended to remove the warming trend dur-
ing 1979–2018. Surface variables over the TP are regressed 
onto the detrended warm core index to determine how the 
lower-level warm cores are related to the local surface ther-
mal conditions at the interannual time scale (Fig. 15). These 
regression analyses show that strong LLWCs are associated 
with enhanced shortwave radiation reaching the surface of 
the TP. The enhanced shortwave radiation leads to surface 
warming. According to Stefan-Boltzmann’s law, the heated 
ground tends to emit more energy into the atmosphere, thus 
the longwave radiation emitted by the surface increases. In 
addition, the heated ground also enhances the temperature 
differences between the ground surface and the surface air, 
which leads to the increase of surface sensible heat flux. 
The enhancement of surface upward longwave radiation 
and sensible heat flux further strengthen the SHS over the 
TP. Consequently, more energy from the ground surface is 
transmitted upward to the atmosphere, and this leads to the 
increase in the lower-level air temperature and the enhance-
ment of the warm core intensity. It should be noted that the 
Fig. 13  a Lead-lag correlation coefficients between daily SHS and 
550 hPa temperature during period from February to May within the 
TP domain in each year of 1979–2018. b Same as (a), but for 200 hPa 
temperature. Positive (negative) values in y-axis denote number of 
days when temperature is lagging (leading) SHS
 K. Shang et al.
1 3
significant positive heat fluxes and temperature anomalies 
are mostly concentrated in 80–95°E, where the LLWCs 
occur most frequently. Although there are also areas (east 
of 95°E) where the warm anomalies occur with weak heat 
fluxes (due to the condensation heat release around 400 hPa), 
their correlations are much weaker. Therefore, the formation 
and variation of the LLWCs are directly and significantly 
modulated by the TP surface thermal condition.
4.4  The association of the ULWCs 
with the large‑scale atmospheric circulation
As illustrated in the above sections, different from the 
LLWCs, the ULWCs are controlled by adiabatic subsid-
ence (in MA) and warm horizontal advection (in MJ). In 
this section, we further investigate how the adiabatic heating 
and horizontal advection are associated with the large-scale 
circulation. In MA, the climatological-mean upper-level 
divergence center is over the Indo-Pacific warm pool and it 
corresponds to the strong upward motion. This upper level 
divergence center is associated with the westward flows that 
lead to convergence in the region south of the TP, inducing 
significant subsidence (Fig. 16a). The convergence and sub-
sidence band in 25°N corresponds well with the preferred 
upper-level warm core occurrence region in the southern 
TP, implying the dominating role of adiabatic descending 
motion in generating warm cores. In MJ, with the poleward 
advance of insolation increase, the strong divergence center 
over the warm pool shifts northward to 10°N; the conver-
gence zone with intense subsidence (previously positioned 
over the southern TP and to its southwest in MA) migrates 
northwestward to the Iranian Plateau. During this period, 
the South Asian High has not yet migrated northward to 
the Iranian-Tibetan Plateau, but maintains in the extratropi-
cal area to the south of the TP (approximately 20°N) (fig-
ures not shown). The westerly prevails in the northern flank 
of South Asian High, and the downstream TP is intensely 
heated through the warm westerly advection.
The 200 hPa regional mean warm core intensity index 
is computed in the same way as 550 hPa, but is separately 
calculated in MA and MJ during 1979–2018. These time 
series are also linearly detrended and regression patterns 
of some variables against them are shown in Fig. 17. The 
results show some good correspondences with the clima-
tological mean fields (Fig. 16). The stronger than normal 
upper-level warm cores over the TP (both in MA and MJ) 
are associated with anomalous descents and convergence 
Fig. 14  Lead-lag correlation coefficients within 10 h between hourly 
550  hPa temperature and temperature at upper levels during period 
from March to June within the TP domain in 1989 (a) and 2005 (b). 
Positive (negative) values in x-axis denote number of hours when the 
upper-level temperature is lagging (leading) 550 hPa temperature, and 
the red dots denote correlation maximum at each level
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in the upper troposphere (Fig.  17). These circulation 
anomalies are closely associated with anomalous upper 
level divergent flows over the Indo-Pacific warm pool. 
They are triggered by the local deep convection with low 
OLR center over the eastern Bay of Bengal and the Sulu 
Sea. In MA, the convection-induced divergent flows con-
verge over the TP in the upper troposphere, accompanied 
with notable anomalous descends with a band of positive 
OLR anomalies over the southern TP and to its south-
west (Fig. 17a, b). Such dynamically forced upper-level 
Fig. 15  Simultaneous regression fields of (a) surface net solar 
radiation (Units: W  m−2), (b) surface net thermal radiation (Units: 
W  m−2), (c) surface heat source (SHS) (Units: W  m−2) and (d) 
550 hPa temperature (Units: K) averaged for March–June against the 
detrended 550 hPa warm core intensity index during 1979–2018. The 
stippled areas denote passing the 90% confidence level. Downward is 
positive in (a) and upward is positive in (b) and (c). The black solid 
curves represent the TP domain
Fig. 16  The climatological-mean 200  hPa divergent wind (vectors, units: m  s−1), velocity potential (contour, units:  106  m2   s−1) and vertical 
velocity (colored, 0.01 Pa  s−1) fields in MA (a) and MJ (b). The black solid curves represent the TP domain
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convergence and subsidence are also responsible for inter-
annual variations of the ULWC intensity. In MJ, anoma-
lous divergent winds, which are maintained by the warm 
pool convection, converge in the western flank of the TP. 
During this period, anomalous westerly horizontal warm 
advection leads to further development of the ULWC 
intensity (Fig. 17c, d).
Based on the above analyses, we conclude that the ULWCs 
and their variations are dominated by the convection-triggered 
circulation, that is to say, the ULWCs can be well generated 
without the heating effect of the TP, which is different from 
the LLWCs. The formation of the ULWCs and their varia-
tions are a result of thermal response to the tropical convective 
condensation heating. As Randel and Park (2006) proposed, 
the structure of upper tropospheric temperature around the 
TP in response to the tropical convection is consistent with 
the large-scale Gill type response to an off-equatorial heating 
(Gill, 1980; Hoskins and Rodwell 1995).
5  Summary and discussion
The present study has examined the tropospheric warm 
cores around the TP based on the analysis of 40-year 
(1979–2018) ERA-interim 6-hourly reanalysis data. Two 
different types of warm cores are obtained: the lower-
level warm cores (LLWCs) and the upper-level warm 
cores (ULWCs). The climatological features and physical 
mechanisms of these two types of warm cores have been 
elucidated and compared. The conclusions can be sum-
marized as follows.
Fig. 17  Simultaneous regression fields of some climate variables 
against the detrended 200 hPa warm core intensity index in MA (a, 
b) and MJ (c, d) during 1979–2018. a 200 hPa divergent wind (vec-
tor, units: m  s−1) and divergence (colored, units:  10–6  m–1) in MA. b 
200 hPa vertical velocity (colored, units: 0.01 Pa  s−1) and OLR (con-
tour, units: W  m−2) in MA. c same as a, but for MJ. d 200 hPa zonal 
wind (contour, units: m  s−1) and horizontal temperature advection 
(colored, units: K  day−1) in MJ. The bold vector, bold contour and 
stippled areas denote regions where regression passing the signifi-
cance test at the 90% confidence level. The green solid curves repre-
sent the TP domain
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(1) The LLWCs are confined below 450 hPa, while the 
ULWCs are concentrated at 200–400 hPa. 450–400 hPa 
is the border layer separating the two types of warm 
cores. The active region of the LLWCs is concentrated 
within the interior of the TP (80–100°E, 28–38°N) 
and is characterized by regional patches with high 
frequency occurrences. Whereas the ULWCs are fre-
quently observed within a zonally elongated band in 
the central-southern TP and its vicinity (60–110°E, 
25–35°N).
(2) March–October is the active phase for tropospheric 
warm core occurrences, but timing of the active phase 
is altitude dependent. Warm cores at 550 hPa are the 
earliest to enter the active phase (in middle Febru-
ary), followed by the warm cores at 200 hPa (in early 
March), and the warm cores at 400 hPa are the latest 
to enter the active phase (in middle May). The LLWCs 
and ULWCs are vertically separated and independent of 
each other in winter, spring and autumn, but they merge 
into a single one in July and August. Both the LLWCs 
and ULWCs grow fastest from March to June, a critical 
period for the warm core development.
(3) The LLWCs mostly occur within the TP and have a 
modest seasonal variability during their active phase. 
The locations of their high occurrence shift slightly 
(< 3°) in meridional direction and migrate by 6° to the 
western TP in summer. In contrast to the LLWCs, the 
location variations of the ULWC high occurrences are 
much more pronounced. In boreal summer, the ULWCs 
exhibit a marked northward shift (approximately 7°) 
and a westward displacement (approximately 12°).
(4) The physical mechanisms for the LLWCs and ULWCs 
are different. Formation and variation of the LLWCs 
are mainly driven by the TP surface heating. From 
March to June, the intense diabatic heating from the 
underlying ground leads to development, maintenance 
and amplification of the warm condition at lower levels. 
Significant positive correlations are found between the 
surface heat source (SHS) and the 550 hPa tempera-
ture when the SHS leads the 550 hPa temperature by 
1–4 days. The local SHS heating directly leads to the 
near-surface air temperature disturbances, and results in 
upward extension of warming in the lower troposphere. 
The relationships between the interannual variations of 
LLWCs intensities and surface radiation fluxes further 
indicate that anomalously strong LLWCs are associated 
with enhanced surface net solar radiation, net thermal 
radiation, and SHS. However, no systematic correla-
tions are found between SHS and upper-level air tem-
perature. Instead of directly heated by the underlying 
surface, the ULWCs are associated with the large-scale 
atmospheric circulation and are primarily controlled 
by adiabatic descending heating over the central and 
southern TP in March–April. This intense descend-
ing motion around the TP is induced by the regional 
upper-level convergence, a result of the divergent wind 
over the Indo-Pacific warm pool triggered by the local 
convection. In May–June, the westerly wind advects 
warm air to the downstream TP, which amplifies and 
maintains warm cores.
The tropospheric warm cores over the TP are unique cli-
mate phenomena and the TP thermal condition has long been 
recognized as a forcing factor of Asian summer monsoon 
establishment and precipitation variation over East Asia. 
In previous studies, the vertically averaged temperature of 
500–200 hPa is taken to represent the TP thermal condition. 
This index is extensively applied in many studies to inves-
tigate the role of the TP in determining the summer mon-
soon onset (He et al. 1987; Li and Yanai 1996; Chou 2003) 
and the seasonal northward jump of westerly jet (Li et al. 
2004; Li and Pan 2006). However, in view of the different 
physical mechanisms of warm cores in the lower and upper 
troposphere presented in this study, the past knowledge with 
respect to the thermal structure of the TP is somehow lim-
ited. Warm cores around the TP cannot be attributed solely 
to the underlying surface heating; the concurrent “dual heat-
ing” mechanism (Tamura et al. 2010) is responsible for the 
formation and development of the independent warm cores 
in the lower and upper troposphere. Generated by the sur-
face diabatic heating, the LLWCs directly reflect the ther-
mal condition of the TP. On the other hand, the ULWCs are 
dominated by the large-scale circulation triggered by tropi-
cal convection in the Indo-Pacific warm pool, so the upper-
level warming is in fact an indirect reflection of the air-sea 
interaction in remote regions outside the TP domain. In this 
sense, it is debatable to take the simple vertical average of 
500–200 hPa temperature as the heating index of the TP.
The physical mechanisms for the formation of the warm 
cores discussed in this study are mainly focused on the 
period of March–June during which the ULWCs within the 
TP domain occur most frequently and attain their maximum 
intensities. It is worth mentioning that the physical mecha-
nisms of the warm cores in peak summer (July–August) are 
consistent with those in March–June. Climatological and 
regression analyses indicate that the LLWCs and ULWCs 
are still distinct from each other even in peak-summer season 
(refer to Figs. S2–S7 in the supplementary information). In 
the traditional theory, the vertically averaged (500–200 hPa) 
temperature (or T ′ ) is taken to represent the thermal condi-
tion of the TP (e.g., Li and Yanai, 1996), and the vertically 
averaged large warm center is situated right over the TP 
domain (Figs. S2 a, d). However, the spatial distributions 
of the warm cores in peak-summer are very different at the 
upper and lower levels: the 550 hPa warm cores are main-
tained within the TP domain (Fig. S2 b, e); in contrast, the 
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200 hPa warm cores are no longer situated within the main 
body of the TP but shift considerably westward to the Pamirs 
Plateau and its west (Fig. S2 c, f). These differences between 
the upper and lower levels are clearly shown both in the T ′
/temperature field (Fig. S2) and the WCOF field (Fig. S3). 
Heat budget analyses indicate that, during July–August, the 
lower-level diabatic heating overwhelms the adiabatic cool-
ing and cold advection over the TP domain (Figs. S4 d–f and 
S5 a). Regression analyses (Fig. S6) further suggest that, 
strong LLWCs in mid-summer are also strongly associated 
with enhanced shortwave radiation, net thermal radiation 
and SHS. Consistent with analyses in March–June, the for-
mation and variation of the LLWCs in mid-summer are also 
directly and significantly modulated by the surface thermal 
condition. Note that in mid-summer, the 200 hPa ULWCs 
are no longer situated over the TP but shift westward to the 
Central Asia (61–79°E and 36–46°N, the black box in Fig. 
S3b). Similar analyses are carried out over the Central Asia 
in July–August. Results indicate that the developments of the 
ULWCs in mid-summer can also be attributed to the large-
scale circulation: the upper-level air is significantly warmed 
through adiabatic heating and warm advection (Fig. S4 b–c 
and Fig. S5b), with a strong subsidence center dominating 
the western part of the Central Asia and the warm advec-
tion dominating the eastern part. Climatological divergent 
wind (Fig. S7a) and divergent wind regressed to the ULWC 
intensity index (Fig. S7b) suggest that strong ULWCs dur-
ing this period are associated with the enhanced upper-level 
descents and convergence (Figs. S7 b–c) over the Central 
Asia, which also originate from the upper-level divergence 
over the Indo-Pacific warm pool (Fig. S7 a–b). During this 
period, an anomalous horizontal warm advection (Fig. S7d) 
leads to the downstream enhancement of the intensity of the 
ULWCs. It is noteworthy, however, that the summer mon-
soon reaches its peak phase in July–August, during which 
the precipitation associated with the Asian summer monsoon 
thrives in the eastern TP; upper-level divergence triggered by 
precipitation over the eastern TP (Fig. S7b) may also play a 
role in generating the strong subsidence in the Central Asia.
We tend to pay particular attention to the March–June 
season mainly because this is the critical period for the 
active occurrences of both the LLWCs and the ULWCs 
(within the TP domain). During this period, the two types 
of warm cores are vertically decoupled in March–June, 
with a clear separation observed at 400–450 hPa. As Duan 
et al. (2005) once proposed, the TP can be considered “an 
isolated heat source throughout April to June”. This indi-
cates that in spring to early summer, the thermal effect of 
the TP might be more independent compared with that 
in peak summer season. During July to August, with the 
full onset of the Asian summer monsoon, the subtropi-
cal large-scale circulation patterns change drastically, and 
the thermal condition of the TP is considerably influenced 
as well. Thus, during July to August, it might be hard to 
separate the roles of the TP thermal effect and large-scale 
atmospheric circulation.
In this study, we identified two independent types of 
warm cores, and investigated the mechanisms for their 
formation, amplification and maintenance. Their respec-
tive and synergistic effects on climate are not discussed 
and need to be further examined in future. Moreover, the 
close connection of interannual variations between the 
ULWCs and the convection over the Indo-Pacific warm 
pool implies that the ULWCs are possibly modulated by 
El Nino Southern Oscillation (ENSO) events (Dai et al. 
2013). In contrast, the low-level temperature over the TP, 
which is largely modulated by surface diabatic heating, 
is probably less influenced by ENSO at the interannual 
time scale. Based on the recent studies, the North Atlan-
tic Oscillation (Li et al. 2008), North Atlantic sea sur-
face temperature anomalies (Cui et al. 2015), and Indian 
Ocean forcing (Zhao et al. 2018) are also considered to be 
responsible for the interannual variability of the thermal 
condition over the TP. Detailed investigations are needed 
to further assess the different effects of ENSO on varia-
tions of lower and upper level warm cores.
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